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Chapter One

General Introduction

The ocean is becoming hot, sour and breathless - a term devised
by Scientists from the Plymouth Marine Laboratory (PML) denoting the triple threat of CO2-led Global warming, CO2 induced
Ocean Acidification and the increase in ocean deoxygenation and
the widening of Oxygen Minimum Zones (OMZ), or Dead-zones,
in the ocean. The ramifications and societal impact of decreasing
productivity in the oceans has major implications for ecosystem
health and ultimately sources of revenue and food for coastal
areas. The industrial revolution, the period between 1750 and the
present, colloquially referred to as the Anthropocene, has led to the
advancement human understanding of the sciences, medicine and
improved the quality of life. However, human induced changes in
carbonate chemistry of seawater, arising from anthropogenically
emitted CO2 has led to a change of 0.1 pH units, for an equivalent
~120 ppm rise in atmospheric CO2, and the reduction in carbonate
ion concentration [CO32-]. These emissions are a bi-product of the
industrial era with approximately 244 ± 20 Pg Carbon from fossil
fuel and cement production concurrent with 140 ± 40 Pg C due to
land-use change [Orr, 2011]. The ocean has acted as a buffer for the
rise of atmospheric CO2, without which global warming would have
been exacerbated, absorbing ~30% of the carbon released between
the industrial revolution and 1994 [Orr, 2011]. The rate of the rise in
pCO2 is unprecedented for more than 50 Million years. The natural
variation of carbon dioxide in the atmosphere for the past million
years, as revealed by ice core records, swings between 180ppm during
glacial maxima and 280 ppm at glacial terminations [Petit et al., 1999].
Hönisch et al. [2009] through proxy measurements has indicated
that pH has oscillated between 8.3 and 8.2 during these periods.
This natural variation pales in comparison with the present change
regarding (i) the timescale (~150-200 years) and (ii) the magnitude
(110 ppm) of seawater pH change.
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1.1.0 Introduction
1.2.0 Ocean Acidification
1.2.1 Seawater carbonate chemistry
Anthropogenic emissions are estimated at 8.5 Pg C year-1 from a
combination of sources, including the burning of fossil fuel, yet the net
increase in the atmospheric concentration of CO2 is lower. This missing
CO2 is taken up by the oceans [Raven et al., 2005; Watson et al., 2009],
with nearly 50% of all fossil fuel derived CO2 since pre-industrial
times having been up taken [Riebesell et al., 2009]. Although there is
considerable variation seasonally, yearly and decadal within this oceanic
drawdown [Watson et al., 2009]. This buffer to Anthropogenic induced
Global warming comes at a price as CO2 alters the chemistry of the oceans,
for some inhabitants who are reliant on the ocean maintaining the delicate
balance this can have a detrimental effect. Ocean acidification relates to
the change in seawater carbonate chemistry from the average modern
seawater value of pH 8.2 toward lower pH values as opposed to the ocean
becoming truly acidic, i.e. pH < 7. Where pH is defined as:
					pH = – log10[H+] 			[Eq.1.2.1]
Dissolving CO2 into the ocean has an impact on the carbonate system.
The carbonate system is comprised of a number of species of dissolved
inorganic carbon (DIC) including: dissolved CO2 (aqua); bicarbonate
(HCO3-); carbonate (CO32-) and in a much smaller percentage true carbonic
acid (H2CO3), H+, OH- and minor constituents [Wolf-Gladrow et al.,
1999a; 1999b; Zeebe and Wolf-Gladrow, 2001]. These different inorganic
forms co-vary depending on the pH. Dissolved inorganic carbon (DIC ≡
∑CO2 ≡ TCO2 ≡ CT) in seawater is divided into species of (free aqueous)
carbon dioxide [CO2(aq)], carbonic acid [H2CO3], bicarbonate [HCO3-]
and carbonate [CO32-] ions, with the sum of [CO2(aq)] and [H2CO3] being
denoted as [CO2], or [CO2*]. 		
			

DIC/ ∑CO2 = [CO2] + HCO3- + CO3223

[Eq.1.2.2]
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1994].
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At a pH of 8.2, i.e. average modern seawater, these species are
10.5%, 89% and 0.5% respectively, as given by the following set of
equations (Eq. 1.2.3 – Eq. 1.2.7). The relationship between [CO2] and
the gaseous form of Carbon dioxide (CO2(g)) is given by Henry’s law in
thermodynamic equilibrium, where K0 is the solubility coefficient of CO2
in seawater, as:		
					CO2(g) = CO2; K0			[Eq.1.2.3]
Therefore the concentration of dissolved CO2 and the fugacity, an
effective assumed pressure of an ideal gas, of gaseous CO2 (fCO2) which
is practically equal to partial pressure pCO2 is given as:			
						[CO2] = K0 ∙ fCO2			[Eq.1.2.4]
The relationships between these carbonate species (Eq.1.2.2) are thus
defined as:
				CO2 + H2O = HCO3- + H+; K1*

[Eq.1.2.5]

				HCO3- = CO32- + H+; K2*			[Eq.1.2.6]
Where,
				pK*s (= –log10(K*)) 				[Eq.1.2.7]
The stoichiometric dissociation constants of carbonic acid (at T = 15°C;
S= 35; P = 1atm; total pH scale) are pK1* = 5.94 (Eq.1.2.5) and pK2* =
9.13 (Eq.1.2.6) respectively. Furthermore, knowing the relative abundance
of these and other ‘species’ it is possible to calculate Total Alkalinity
(TA) of seawater which refers to the charge balance between the relative
components:
TA/At = [HCO3-] + 2[CO32-] + [B(OH)4-] + [OH-] – [H+] + minor
compounds
											 [Eq.1.2.8]
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Biological induced changes in DIC are dependent upon whether the
organisms are calcifiers or not. Non-calcifiers raise the pH and lower the
DIC independent of the carbon source utilised. However, this decrease in
DIC is limited to <15% by various biotic and abiotic factors. Calcifiers
on the other hand can alter both the DIC and TA as calcification utilises
either carbonate or bicarbonate ions (Eq. 1.2.9 or 1.2.10):
		
					Ca2+ + CO32- ↔ CaCO3 			
			Ca2+ + 2HCO3- ↔ CaCO3 + CO2 + H2O

[Eq. 1.2.9]
[Eq. 1.2.10]

The DIC concentration can therefore decrease via calcification and/
or photosynthesis, with this relative change referred to as the Revelle
factor. This is important as for instance, in calcifying blooms CO2 can
increase whilst DIC decreases thereby making calcification a source for
CO2 [Wolf-Gladrow et al., 1999b]. Modelled results suggest that for every
mole of calcium carbonate (CaCO3) precipitated through the consumption
of 2 mol HCO3- there is 1 mol CO2 respired [Wolf-Gladrow et al., 1999b].
Although laboratory experiments suggest that planktonic foraminifera
predominately utilise CO32- as a primary source for calcification [Bijma
et al., 1999]. The increased invasion of CO2 within the surface ocean has
the net reaction:
				CO2 + H2O + CO32- ↔ 2HCO3-

[Eq.1.2.11]

Based upon the following chemical reactions:
		H2O + CO2 ↔ H2CO3 		

[Eq.1.2.12]

		H2CO3 ↔ HCO3- + H+

[Eq.1.2.13]

		HCO3- ↔ H+ + CO32

[Eq.1.2.14]

With this considerable uptake of CO2, regions of the oceans are
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slowly becoming less saturated with CaCO3; however this change is
far from homogeneous. The saturation level of CaCO3 (Ω), defined as
the separation between supersaturated and under saturated conditions is
variable, and is defined by the product of the carbonate ion [CO32-] and
calcium [Ca2+] of the oceans [Yamamoto-Kawai et al., 2009]:
					

Ω = ICP / K*sp		

[Eq.1.2.15]

				ICP = [Ca2+]sw ∙ [CO32-]sw 		

[Eq.1.2.16]

				K*sp = [Ca2+]sat ∙ [CO32-]sat 		

[Eq.1.2.17]

Where, Ω is the product of the difference (Eq. 1.2.15) between the
ion concentration product (ICP) of [Ca2+]∙[CO32-] (Eq. 1.2.16) and the
stoichiometric solubility product (K*sp) (Eq. 1.2.17) of a particular mineral phase of CaCO3 (i.e. calcite, aragonite) [Langdon et al., 2000]. Carbonate ion [CO32] refers to its equilibrium total (free and complex) concentration in a seawater solution saturated with respect to CaCO3. The
K*sp for aragonite and calcite are 10-6.19 and 10-6.37 respectively at a given
temperature, salinity and pressure (T = 25˚C, S = 35‰ and P = 1atm)
[Zeebe and Wolf-Gladrow, 2001]. This difference is the effect of crystal
structure and the difference in Gibbs free energy [Dickson, 2010], defined as the thermodynamic potential of the usefulness of work (i.e. the
natural tendency of system to achieve minimum free energy). Due to the
greater abundance of Ca2+ and its conservative nature (e.g. Ries [2010])
with depth and on timescales of 104 years [Reynaud et al., 2003], the saturation state is determined by changes in the carbonate ion concentration
[ΔCO32-] [Zeebe and Wolf-Gladrow, 2001]. Values of Ω >1 represent supersaturated, whilst Ω <1 is under saturated, although supersaturated and
under saturated waters do not necessarily lead to the spontaneous precipitation or dissolution of calcareous particles [Berger, 1971]. Surface
waters at higher latitudes, where water temperatures are lower, absorb
far more CO2 than waters at lower latitudes due to increased solubility
with decreasing temperature. Discrete water sampling from the Icelandic
Sea for the period 1985-2008 revealed an estimated surface winter pH
decrease 50% larger than subtropical stations at 0.0024 yr-1 [Olafsson et
al., 2009]. It is therefore suggested that higher latitudes are expected to
become under saturated in CaCO3 first [Fabry et al., 2008; Feely et al.,
2009]. The precipitation of CaCO3 inorganically (i.e. ooids) or organically (i.e. foraminifera; bivalves; coccolithophores) alters the carbonate
27
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Figure 1-2. (above and opposite page) Orbital parameters and the related insolation patterns. a) Orbital parameters based upon [Ruddiman, 2001] highlighting the elliptical nature of the Earth’s orbit with the Earth furthest from the Sun at the Perihelion and closest at
the Aphelion. The tilt of the Earth in Summer and Winter shown inset. (b) Axial tilt and (b)
Eccentricity for the past 400 kya. (c) Difference between Winter and Summer insolation at
45°N (location of cores described in Chapters Four and Five). (d) The reference planktonic
oxygen isotope stack of [Huybers et al., 2007].(e) Calculated monthly insolation at 45°N
for the past 400 kya.

chemistry by increasing the concentration of Carbon dioxide:
		Ca2+ + 2HCO3- → CaCO3 + CO2 + H2O

[Eq. 1.2.18]

Looking at this equation we can see that the precipitation of CaCO3
decreases both TA and DIC therefore counter intuitively on short timescales the precipitation of CaCO3 in the surface ocean actually increases
the atmospheric concentration of CO2. This is the reverse effect of the organic carbon pump and is hence referred to as the CaCO3 counter pump.
However, on much longer timescales the burial of CaCO3 shells leads
28
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to a direct removal of CO2 from the active system. The organic carbon
pump is the removal of DIC through generation of cellular components
by plankton which leads to a decrease in atmospheric CO2. The balance
between the production of calcium carbonate in the euphotic zone and its
re-absorption in the deep is controlled by the ‘biological pump’. Berger
et al. [1989] quantified that only 15% of carbonate (particulate inorganic
carbon, or PIC) produced in the upper ocean actually persists to become
sediment in comparison with only 0.3% of organic carbon (particulate
organic carbon, or POC) a result of efficient recycling in the water column at both surface and depth. Whilst productivity in the open ocean is
lower than coastal areas or those with upwelling, its large spatial/areal
extent makes it an important component of the global carbon cycle [Milliman, 1993]. It is only the ocean surface, including the wind mixed layer
(50-500m) that exchanges CO2 with the atmosphere through deep water
formation both inorganic carbon and dissolved organic carbon (DOC) are
transported into the ocean interior, whereas POC and PIC sink from the
surface ocean (Figure 1.1)
1.3.0 The Geological Record of Ocean Acidification
“Thus human beings are now carrying out a large scale geophysical experiment of a kind that could not have happened in the past nor be reproduced in the future”
						– [Revelle and Suess, 1957]
Estimates of the impact of ocean acidification, based upon modelling and experiments, suggest that the decline in pH and rise in CO2 will
Figure 1-3. Geological events and parameters of the past 70 Million years (opposite page)
(a) Glacial extent for the Northern and Southern hemisphere, whole bars represent full
scale and/or permanent ice sheets whilst dashed indicate partial and/or ephermeral ice
sheets; (b) global deep sea, bottom water temperature proxy, benthic foraminifera oxygen
isotopes colour coded for species corrected for species and genus specific vital effects; (c)
Atmospheric carbon dioxide concentration based upon: (blue) the δ13C of palaeosols; (red)
δ13C of phytoplankton (i.e. foraminifera); (green) stomatal indices/ratios; (purple) isotopes
of marine boron (δ11B); (black) δ13C of liverworts and (orange) sodium carbonates. Dashed
lines represent present day values of 400ppm, interglacial (for the past 425kyr) maximum
value of 280ppm and a glacial minimum value of 180ppm; (d) weathering rate proxy based
on lithium (δ7Li), vertical error bars represent the 2σ uncertainty [Misra and Froelich,
2012] and (e) strontium (87/86Sr) [Misra and Froelich, 2012]; (f) tectonic events [Zachos et
al., 2001]; (g) calcite compensation depth (CCD) of the Pacific ocean(Palike et al., 2012);
(h) seawater Magnesium/calcium concentration (Mg/Ca) modelled (line) and measured
(circles, fluid inclusions, and diamonds, echinoderm Fossil Mg/Ca) and (i) seawater Calcium concentration [Ca2+] [Hönisch et al., 2012].
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Figure 1-4. Production and preservation of calcium carbonate. (a) The production of calcite by marine organisms (~4 units) exceeds the input by weathering (~1 unit), bathymetric
highs allow for the accumulation of calcite, below which a transition zone separates areas
of preservation from areas of dissolution. (b) Dissolution alters the weight percent of calcite
(see Figure 1.4), however this is dependent upon the rate of accumulation, dilution and dissolution. The left-hand side vertical arrows give the rain rate of non-CaCO3, the right-hand
side the rain rate of CaCO3 and the wavy line the rate of dissolution. As can be seen in (c)
there is a large difference between the weight percent of calcite in the sediment and that
which is dissolved, for example even when 80% calcite has been dissolved the sediment will
still have ~60% calcite. Redrawn from [Broecker, 2003b].
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be unprecedented with no comparable analogs from the geological past
[Kump et al., 2009; Ridgwell and Schmidt, 2009]. Whilst this may be the
case, the geological past may provide guidance on the biotic response
unmatched by monocultures maintained in the laboratory, and subject
to drastic reductions in pH [Kump et al., 2009; Ridgwell et al., 2009].
Variability in spatial and seasonal environmental conditions as well as
genetic diversity may assist species adaptability in the future. Shifting
climatic belts may drive, certain, species polewards and expand the tropic
biogeography [Burrows et al.,2011 ; Mahlstein et al., 2013; Ohlemϋller,
2011; Sandel et al., 2011], which cannot be quantified experimentally but
deduced geologically (i.e. Myers et al.[2012]).
Earth is a dynamic planet; as such the climate is in continuous flux,
driven by the orbital geometry and plate tectonics. On short timescales,
high frequency (104 to 106 years), the orbital processes Eccentricity, Precession and Obliquity dominate (Figure 1.2). Eccentricity, the ellipticalness of the Earth’s orbit, modulates the amplitude of axial precession, the
wobble of axis of rotation, thus influencing total annual/seasonal insolation whilst Obliquity, the tilt of the Earth, alters the latitudinal dispersion [Zachos et al., 2001]. The climate sensitivity and long-term mean
is related to tectonic processes (i.e. rate of oceanic spreading), on the
order of 105 to 107 years, which controls for instance the distribution of
landmasses, oceanic geometry, gateways, and bathymetry [Zachos et al.,
2001]. Biotic responses to changes on tectonic timescales may be markedly different as for instance calcifying plankton flourished in the Cretaceous and Jurassic despite estimate placing surface ocean pH at ~0.60.7 pH units lower than present-day seawater pH [Hönisch et al., 2012;
Kump et al., 2009; Martin, 1995; Ridgwell and Schmidt, 2009; Tappan
and Loeblich, 1973). Hönisch et al., [2012] ascribed the criteria for identifying past ocean acidification as: (i) abrupt and massive release of CO2
into the atmosphere, (ii) decline in both pH and (iii) the seawater (CaCO3)
saturation state.
1.3.1 Carbon dioxide concentrations
The Modern atmospheric concentration (pCO2) of 400 ppm is the
highest concentration over the past million years. Yet there have been
intervals during the Phanerozoic eon, the past 541.0 ±1.0 Myrs, where
the maximum atmospheric concentration has risen substantially above
this with an estimated extreme value of ~5000 µatm close to the TriassicJurassic boundary. Although on average atmospheric concentrations have
been maintained at ~1000 µatm during the latter half of the Paleozoic
(Cambrian-Permian) and Mesozoic (Triassic-Cretaceous) Epochs of the
Phanerozoic eon. Veizer et al., [2000] considered that during periods in
the Phanerozoic a decoupling occurred between climate and global car33
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bon dioxide. Regardless of whether reconstructed CO2 values or models
parameterisations are incorrect it is plausible that a changing continental
configuration and evolution of pelagic calcifying organisms are potentially the cause of a change between coupling and decoupling [Ridgwell
and Zeebe, 2005].
1.2.2 Weathering and the carbon cycle
For the past 50 million years atmospheric CO2 has declined from the
PETM (~50 Mya) value of 3500 to less than 500 ppm (30 Mya; Figure
1.3c) a bi-product of multi-facetted global change (e.g. climate, fauna
and tectonics). This draw down in CO2 follows the change in continental
configuration and resultant increase in continental weathering, expressed
as changes in the isotopes of Strontium and Lithium (Figure’s 1.3d and
1.3e) [Misra and Froelich, 2012]. Increased concentrations of CO2 in the
atmosphere lead to a warmer, and due to increased evaporation, wetter
climate. This leads to weathering of carbonate, through the reaction:
			CaCO3 + CO2 + H2O → Ca2+ + 2HCO3-

[Eq. 1.2.19]

And the Weathering of calcium-silicate through the reaction:
			CaSiO3 + 2CO2 + H2O → Ca2+ + 2HCO3- + SiO2
									
		
										

[Eq 1.2.20]

Note that in equation 1.2.20 it requires two moles of CO2 to create
two moles of bicarbonate, whereas only one mole of CO2 in equation
1.2.19. Hence when a single mole of carbonate is produced for calciumsilicate weathering a CO2 has been consumed, lowering atmospheric CO2
(Figure 1.5).
The response of the global carbon cycle to the release of CO2 : (a)
The initial steady state where a balance between the dominant input and
outputs, on millennial timescales (~1-100kyr), of riverine discharge and
sedimentary burial. There are, other inputs of carbon i.e. through riverine
and hydrothermal discharges and the seafloor weathering exchanges and
output i.e. burial and seafloor weathering. On the long term the balance is
between the inputs and outputs of DIC (Eq. 1.2.2) and Alkalinity (ALK),
or the acid-neutralising capacity of seawater which is defined as the difference between the concentration of cations and anions in seawater. For
34
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Figure 1-5. The response of the global carbon cycle. (a) Initial steady state. (b) Change
associated with a volcanic eruption or anthropogenic emissions. (c) Establishment of a
new steady. Redrawn Kump et al. [2009].
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the most part this difference is maintained by the carbonate Alkalinity
(cALK):
				cALK = [HCO3- ] + 2[CO32-]

[Eq. 1.2.21]

(b) The emission of CO2 either from a volcanic eruption, or anthropogenic emissions, would raise atmospheric pCO2 concentrations, this would
lead to an increase in oceanic uptake. This oceanic uptake would raise
DIC, but as CO2 is uncharged, ALK would remain unchanged. In order
to balance, a reduction in the carbonate ion concentration occurs:
					ALK – DIC = [CO32-]

[Eq. 1.2.22]

Thus the saturation state of calcium carbonate in seawater is reduced (Ω; Eq.’s 1.2.15 to 1.2.17), leading to the shoaling of the Calcite
compensation depth (CCD) and a reduction in the preservation and burial
of CaCO3. Therefore invoking an imbalance between riverine input and
burial output. (c) With stained elevated concentrations of CO2, a new
steady state is established. As atmospheric CO2 increases the temperature of the planet and therefore increasing evaporation this will lead to
weathering. Through weathering (Eq.’s 1.2.19 to 1.2.22) the alkalinity of
the oceans will increase, as rivers carry the products of these reactions.
Increased alkalinity will lead to a deepening of the CCD to accommodate
the amount of CaCO3 being buried. Over time, as the emission of CO2
reduces or stops the CO2 in the atmosphere is removed, through weathering and burial, until initial state of (a) returns.
1.3.2 Calcite-Aragonite seas
Physio-chemically the dissolution of the various polymorphs of
CaCO3 should follow clear trends yet this is generally not the case with
biogenic calcium carbonate [Millimann, 1977; Peterson, 1966]. Biogenic calcium carbonate primarily takes the form of calcite, aragonite and
magnesium-calcite. The dominant polymorph of abiotic calcium carbonate which precipitates out of seawater, are Aragonite, low Mg- or high
Mg-Calcite, other polymorphs such as Dolomite and Witherite occur in
much lower abundances, and only in areas with certain conditions. This
dominant polymorph has changed through time [Ries, 2008]: Aragonite
is favoured during periods of seawater with high ratios of magnesium
to calcium, whereas calcite is favoured when this ratio is lower. Stanley
36
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and Hardie [1999] showed that so called hypercalcifiers, highly productive marine calcifiers such as reef-building and sediment-producing
marine organisms, are most vulnerable to changes in this seawater ratio.
Yet, Stanley and Hardie [1998] contradicted the earlier conclusions of
Wilkinson and Algeo [1989] and Mackenzie and Morse [1992] who discerned that pCO2 was the dominant control of this ratio, i.e. high pCO2
produced Aragonitic seas whilst low pCO2 generated Calcite seas. Burton and Walter [1991] experiments in raising pCO2 from 10-4.5 to 10-1.0
atmospheres on modern seawater at 25°C and an Mg/Ca mole ratio of
5.17 could only reduce the MgCO3 content from 12 to 7 mol% and not
alter the dominant polymorph [Stanley and Hardie, 1999]. Instead it is
primarily the fluxes in river water (water containing Ca-HCO3) and Midocean ridge (MOR) hydrothermal brines (water containing Na-Ca-Cl)
and their mixing that drives the ratio of Mg/Ca. With only relatively
small changes in the flux of MOR brines capable of altering the Mg/
Ca, Na/K and Cl/SO4 ratios in seawater. At present calcifying organisms
such as coccolithophores and planktonic foraminifera are composed of
low-Mg Calcite.
The shells of different groups and species are far from heterogeneous; the major polymorphs used in biomineralization, calcite and aragonite, have considerably different solubility in seawater. The solubility
product (K*sp) for aragonite and calcite are 10-6.19 and 10-6.37 respectively
at a given temperature, salinity and pressure (T = 25˚C, S = 35‰ and P
= 1atm) [Zeebe and Wolf-Gladrow, 2001], for equations (1.2.7) – (1.2.9).
For the calcite phase, there is general disagreement as to whether coccolithophores are more resistant than foraminifera [Berger, 1973]. Observations that grain size may lead to preferential dissolution of the finer
(<63 µm) sediments [Kier, 1980] are contended by observations regarding microstructure, with increased dissolution in more porous specimens
[Walter and Moorse, 1984]. This is further complicated by the fact that
most experimental observations fail to delimitate the effect of pore water through-flow in sediments, where finer grain sizes may act as an impediment allowing pore waters to become saturated in respect to calcite
[Walter and Moorse, 1984]).
1.3.3 Calcite Compensation Depth (CCD)
The accumulation of marine sediments is dependent on the difference between the rate of supply and the rate of dissolution [Schink and
Guinasso, 1977] (Figure 1.6). Unlike other salts, the solubility of CaCO3
increases with hydrostatic pressure [Pytkowicz and Conners, 1964] and
marginally with decreasing temperature [Morse and Mackenzie, 1990;
Zeebe and Wolf-Gladrow, 2001] therefore giving its distribution a strong
bathymetric control. Such trends are reflected in observations of sea37
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floor lithology [Berger, 1979; Kump et al., 2009; Sverdrup et al., 1942;
Thunell, 1982] and vertical saturation profiles of the ocean with the upper
ocean is supersaturated in respect to CaCO3 whilst the deeper ocean is
under saturated. Despite increased solubility with pressure and temperature a large quantity of carbonate sediments accumulate in under saturated waters therefore accumulation of carbonates represents a dynamic
imbalance [Schink and Guinasso, 1977]. Carbonate dissolution at the
seafloor is a process which balances input into the ocean from the terrestrial sources and the excess supply of pelagic carbonate settling to the
seafloor (Figure’s 1.4-1.5) which would otherwise deplete the ocean of
CaCO3. Since solubility increases with depth this process facilitates the
dissolution of excess shell material. The saturation profile seen within the
contemporary ocean i.e. that of under saturated bottom waters is a result
of vertical mixing within the ocean [Sillén, 1967]. Berger [1971] defined
three horizons relating to dissolution of calcite: the saturation level; the
lysocline, and the Calcite Compensation Depth (CCD). The Aragonite
Compensation Depth (ACD) is considered shallower in the water column
(Section 1.3.2).
Whilst the saturation level can be defined chemically, both the
lyscoline and compensation depth are expressions of the sedimentological
composition. The lysocline, where foraminiferal assemblages begin to
show obvious signs of dissolution [Berger, 1971], is distinct from the
saturation level (in some regions Ω >0.8) and is thought to represent some
critical carbonate ion level [Thunell, 1982]. Below this level dissolution
increases linearly [Heath and Culberson, 1970] until little to no carbonate
remains (<10%) and the excess supply is compensated. The CCD, where
calcite is dissolved completely, is a dynamic level in the water column
which whilst not indicative of any unique change in the physio-chemical
Figure 1-6 (opposite page). Archives of calcium carbonate in the oceans. Archives from
the sea floor show a cyclical change in the colour and composition of the sediments through
time, highlighting the change in the preservation and sedimentation of carbonate. Composition varies temporally and spatially as a product of the climate and water depth. Core
sections are from the Northeast Atlantic (45°N), situated within the Ice rafted debris (I.R.D.
belt) during glacials (see Chapter Five for stratigraphy); the preservation potential of calcite in the Atlantic is lower during the glacials. (a) Core section #1 (928-1028cm) of piston core T90-9p. (b) Core section #3 (728-828cm) of piston core T90-9p, overlain is the
weight percent calcium carbonate (Chapter Five). During (c) interglacial’s sediments are
dominated by biogenic calcite whereas during (d) glacials I.R.D. and detrial carbonate
dominate, photographs are from the washed 300-355μm size fraction for composition see
Chapter Five. (e) Distribution of calcium carbonate (weight percent CaCO3) from surface
sediments, bathymetric highs can be seen as areas of high weight percent CaCO3 i.e. the
Mid-Atlantic Ridge. Low weight percent in the Pacific is due to the predominance of ‘older’
poorly ventilated bottom water masses. Areas with no data are left blank, data from [Archer,
1996].
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properties of the deep ocean the CCD is driven by both the depth of the
lysocline and supply of calcite [Heath and Culberson, 1970] (Figure 1.6).
Supra-lysoclinal dissolution can occur with estimates suggesting as much
as 25% of calcite produced above this level [Milliman, 1993] dissolves as
the result of the release of metabolic CO2 from decaying organic matter
brought in from the photic zone [Sverdrup et al., 1942]. During periods
of high productivity (‘blooms’) the seafloor can be covered in a ‘fluffy
layer’ consisting of both adult and juvenile planktonic foraminifera
and associated biogenic debris [Brummer, 1988]. Over relatively short
periods of time this ‘fluff’ can be quickly consumed therefore CaCO3
passing through this layer may experience enhanced dissolution [Martin
and Sayles, 1999].
1.4.0 Planktonic foraminifera
Planktonic foraminifera are calcifying unicellular zooplankton
belonging to the Phylum Granuloreticulosa, a phylum grouping amoeba
characterised with pseudopodia whose flowing cytoplasm appears
granular in texture [Lee et al., 2000; Pearson, 2012] ranging in size from
~0.005-1mm (Figure 1.7). The name Foraminifera derives from ‘bearers
of foramina’, foramina (pl.; foramen singular) being openings that
allow the movement of cytoplasm between chambers and the ambient
microenvironment outside of the test. First described by d’Orbigny
[1826]: “Tableu méthodique de la classe des Cephalopodes” as a benthic
organism it wasn’t until Brady [1884] working on material collected during
the Challenger expedition (1872-1876) that their planktonic lifestyle was
established. Murray [1897] and later Rhumbler [1911] through plankton
hauls and dipping jars described the morphology and cytology of living
specimens. Quantitative analysis of planktonic foraminifera in the water
column and surface sediments of the equatorial Atlantic was first done
by Schott [1935] whose observations on the abundance, ranges and depth
habitats are still, relevant and, corroborated by present researchers, i.e. the
influx of Globorotalia menardii into Atlantic during Interglacial [Caley et
al., 2012].
Figure 1-7 (opposite page). Examples of Planktonic foraminifera. (a-b) Globigerina bulloides d’Orbigny 1826; (c-d) Globigerinoides trilobus trilobus (Brady, 1877) (e-f) Globorotalia Truncorotalia truncatulinoides (d’Orbigny, 1839); (g-h) Globigerinoides ruber
(d’Orbigny, 1826), note the pinkish hue in the earlier chambers, this form went extinct in
the Indian and Pacific Oceans 125kya; (i-j) Globorotalia Hirsutella scitula (Brady, 1882);
(k) Globorotalia Menardella menardii (Parker, Jones & Brady, 1865 after d’Orbigny, 1826
nomen nudum) and (l) Orbulina universa (d’Orbigny, 1839). Note the variety of shapes and
forms that foraminifera can produce, all scale bars are 100μm.
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Micropalaeontologists utilise the Linnaean system of taxonomy,
whereby the physical properties of their shells are utilised to pigeon-hole
them into distinct species. Currently there exist 49 recognised species of
planktonic foraminifera, although three of these (all bi- or triserial) are
now considered to be benthic with a planktonic stage of life, separated
into four groups: microperforate (7); macroperforate nonspinose (18);
macroperforate spinose (16) and monolamellar spinose (3). Of this,
Micropalaeontologists have identified sub-species, ecophenotypes and
large variability in gross morphology within single ‘species’. Genetic
studies have shown that whilst this taxonomic framework is precise in its
divisions of species there is a much larger diversity, of the 12 species studied
thusfar there on average 4.3 cryptic species to 1 micropalaeontological
species [André et al., 2012; Aurahs et al., 2009; Bijma et al., 1998;
Darling et al., 2006b; 2007; de Vargas et al., 1999; 2001; 2002; Huber
et al., 1997; Kucera and Darling, 2002; Kuroyanagi et al., 2008; Morard
et al., 2009; 2011; Ujiié et al., 2010; 2012]. There is some indication,
however, that the cryptic species of Globigerinella (aequilateralis)
siphonifera [Huber et al., 1997], Globorotalia truncatulinoides [de
Vargas et al., 2001], Orbulina universa [de Vargas et al., 1999; Morard
et al., 2009], Globorotalia inflata [Morard et al., 2011] and Globigerina
bulloides are in fact pseudo-cryptic species, distinguishable not in gross
morphology but minute, fine, features between genotypes. With this new
toolbox it has been possible to taxonomically revise certain species that
have proven difficult to separate with standard micropalaeontological
techniques such as the polar species Neogloboquadrina pachyderma and
Neogloboquadrina incompta [Darling et al., 2006a] and the (sub-)tropical
species Globigerinoides ruber and Globigerinoides elongatus [Aurahs
et al., 2011]. Curiously Globigerinoides sacculifer a species with high
morphological diversity lacks a similar cryptic diversity [André et al.,
2012]. Whether these species have a distinct calcification mechanism or
Figure 1-8 (opposite page). The change in the wall structure of planktonic foraminifera
through ontogeny. Ontogenetic changes in the wall structure of a theoretical foraminifera
based upon (Bé, 1977) from (a) early to (b) late ontogeny and (c) the development of a
secondary, ‘gametogenetic’ calcite crust (cc). Red line denotes the position of the primary
organic membrane (POM) and the division between the outer (ol) and inner lamella (il).
Scanning electron microscope (SEM) images of G. ruber show how close this conjecture is
to reality: (i) cross-section of outer lamella with exposed surface; (ii) plan view of spine and
spine base, constructed from terracing of calcite; (iii) a final undulating lamella, although
G. ruber does not form a calcite crust; (iv) cross section through the wall exposing spine
bases, like telegraph poles the spines are attached perpendicular to the POM, and do not
cross into the IL; (v) outer surface showing the honeycomb cancellate-spinose wall texture
(Steineck and Fleisher, 1978), a hexagonal raised meshwork with spines and hollow centered spine bases (ii), situated at the nodes, surround (vi) the funnel shaped pores; (vii) as
per (iv).

42

(iii)

(ii)

(i)

(c)

(b)

(a)

pore

pore

OL
POM
IL

IL

POM

OL

43

IL

POM

OL

CC

(vii)

(vi)

(v)

(iv)

General Introduction

ONTOGENY

Chapter One

represent the taxonomic subunits is relatively unknown, it is therefore
prudent to distinguish between so called ecophenotypes.
Planktonic foraminifera are distributed throughout the open ocean
[Bé, 1969; Bé et al., 1971; Bé and Tolderlund, 1971; Tolderlund and Bé,
1971] avoiding coastal waters [Lidz, 1966] their distribution governed by
(seasonal) temperature, salinity, nutrients and oceanic currents[Barash,
1971; Bé, 1959; 1960; Bé and Hamlin, 1967; Bé and Tolderlund, 1971;
Fairbanks et al., 1980; Murray, 1897; Rutherford et al., 1999; Sautter and
Thunell, 1989; 1991a; Tolderlund and Bé, 1971; Wolfteich, 1994]. In the
higher latitudes where there is the seasonal waxing and waning of sea ice
Spindler and Dieckmann [1984] observed that the polar species was capable
of surviving within the sea-ice N. pachyderma. As planktonic organisms
optimum conditions can be viewed geographically and vertically. The
depth habitat of planktonic foraminifera is species specific dependent
upon the ecological niche, spinose species for example are commonly
associated with both a shallower depth habitat and symbionts that act
as important food source in oligotrophic conditions. The requirement of
‘daughter’ cells to be ‘re-infected’, symbiotically, constrains the depth
habitat of these species [Bé et al., 1982]. As too does light intensity,
laboratory experiments have indicated that the intensity of light delays
the onset of the terminal-reproductive phase [Bé et al., 1981; Caron et al.,
1981]. Anderson et al. [1979] through laboratory experiments considered
that for the most part planktonic foraminifera are omnivorous, feeding
upon phytoplankton and zooplankton (i.e. diatoms, flagellates, crustacean,
coelenterates, polychaetes). The rhizopodia network, extending outward
from the shell and cell, is a 3D web ensnaring passing prey or food
particles [Anderson and Bé, 1976]. Small prey (μm-scale) with shells
are carried into the cytoplasm, for larger prey the rhizopodia strip prey
tissue, it before food particles are engulfed in food vacuoles within the
rhizophodia network [Anderson and Bé, 1976]. Spine length has been
hypothesised to be an adaption to prey densities i.e. the oligotrophicthriving species O. universa has a spine length of 2.5 mm compared to
G. bulloides 1-1.5 mm, giving the foraminifera a larger surface area and
support network for rhizopodia [Spero and Lea, 1996].
Whether they follow a diurnal pattern, migrating to deeper waters as
infered by ‘deep scattering layers’or false bottoms, is a matter of debate
[Bé, 1960; 1966]. Although for the most part, it appears that surface
species migrate to deeper waters during ontogeny. Potentially following
lunar periodicity to maximise efficiency during sexual reproduction [Erez,
1991; Schiebel et al., 1997; Spindler et al., 1978; 1979].
1.4.1 Test building
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Figure 1-9 Wall structure of bilaminar planktonic foraminifera. Scanning electron microscope image of a cross section through the shell wall of G. ruber highlighting wall features. (Bé et al., 1975) defined the outer lamella (see Fig. 1.9) to have three distinctive wall
structures, based upon the calcite crystals: the microgranular layer, the subrhombic layer
and euhedral layer. Crossing these features are the funnel shaped pore with its smooth walls
and spines. Note, however that the primary organic membrane (POM) crosses the pore at
the inflection between convex and concave curvature of the pore. For orientation bottom of
the picture is inside the shell.

The majority of foraminifera secrete a shell (or test) of calcium carbonate (CaCO3, either low-Mg calcite, high-Mg calcite or the polymorph
aragonite), in some instances, in benthic forms, the shell is composite
of sedimentary grains cemented together (‘agglutinate’). Genetic studies
have established the existence of so called “naked foraminifera” softwalled amoeba, based upon small subunit (SSU) rRNA gene sequencing
of Allogromiids sp. Culturing of planktonic foraminifera has provided
details of the method of calcification and generation of new chambers
[Adshead, 1967; Alldredge and Jones, 1973; Bé et al., 1977]. A more
explicit account of the biological mediated calcification is detailed elsewhere e.g. Bé et al. [1979; 1983], Erez [2003] and Hemleben et al. [1989].
However, it can be subdivided into two types: ontogenetic and gametogenetic calcification Bé [1980]. Five life stages during the ontogeny of
planktonic foraminifera have thus far been described, the prolocular, juvenile, neanic, adult and terminal stages [Brummer et al., 1986]. For the
first four life stages ‘ontogenetic calcification’, involving chambers being
added along a species specific coiling axis, occurs resulting in allometric
mass addition in which size and mass increase [Bé, 1980; Bé and Ander45
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son, 1976a; Lohmann, 1995]. For species, the terminal stage involves the
creation of an aberrant chamber (i.e. the spherical chamber of Orbulina
universa) or gametogenetic crust (Figure 1.8). In certain circumstances
production of an aberrant chamber, referred to as kummerform, smaller
than the preceding chamber can occur [Berger, 1970a; Olsson, 1973].
The shell wall of planktonic foraminifera is divided by a proteinaceous primary organic membrane (POM) between the outer (OL) and
inner lamellar unit (IL). This POM is secreted by a cytoplasmic envelope produced by strands of cytoplasm/rhizophodeia acting as an organic sheet/template for wall. In species with bilamellar walls the wall is
composed of the microgranular, subrhombic and euhedral layers (Figure
1.9). The Microgranular layer, the innermost or proximal layer, is the
layer initially secreted by the organism during calcification consisting of
closely packed anhedral microgranules (~0.2 µm in diameter) that gives
it a smooth texture. Secreted on top of this layer and regarded as more
of an incipient portion of the euhedral layer is the subrhombic layer that
consists of coarse subhedral units (~0.6-1.0 µm long) in a tight fitting
mosaic pattern. Wall thickening, and the reasons why no boundary exists
between the subrhombic layer and euhedral layers, is a product of the
enlargement of these initial crystalline units into larger euhedral crystals (~10-15 µm long) [Bé et al., 1975]. Dependent upon species surface
features such as pustules, lips, ridges and keels appear later, spines and
pores form early given their location within the test wall. The outer layer
of euhedral crystals is in some species referred to as a calcite crust (CC)
and/or gametogenetic calcite that constricts the hourglass shaped pores.
Gametogenetic crust is the final calcite addition deposited on the outer
surface of the last whorl that is representative of the transition from regular ontogeny to the (meiotic) reproductive phase during the final hours
[Bé, 1980; Bé et al., 1983; Hamilton et al., 2008] and is concurrent with
the shedding of spines and absorption of inner walls [Schiebel and Hemleben, 2005]. The mass addition has been hypothesised to represent the
critical mass required to exceed the buoyant potential of the cytoplasm,
leading to sinking to a preferred depth habitat. Furthermore during each
chamber addition it has been hypothesised that an additional layer is deposited onto the outer lamellar unit of the predecessors [Bé and Hemleben, 1970; Erez, 2003; Hemleben et al., 1977; Reiss, 1958; Sadekov et al.,
2005]. Whilst the surface of the inner lamellar unit is smooth the internal wall structure from previous chambers apparently still has embellishments and ornamentation and therefore are not reintegrated, or dissolved,
by the foraminifer during ontogeny as in the case of Hastergina pelagica
[Hemleben et al., 1979] or Orbulina universa [Spero, 1988]. Eggins et al.
[2003] using electron microprobe mapping showed that there was a correlation between the number of high Mg/Ca bands and the position of the
chamber along the whorl [Sadekov et al., 2005]. The foramen, i.e. previous apertures that become internal connections between different cham46
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Figure 1-10 . Change in ocean carbonate chemistry and associated change in shell weight
and wall thickness of planktonic foraminifera. The ocean carbonate chemistry of WolfGladrow [2001] for the past and future scenarios (beige shading), black circle and grey
circle are the carbonate ion concentration [CO32-] at 1800 and 2100, respectively; of 246
to 118 mmol m-3. Plotted are the ages of the core top populations, based upon 14C dating,
showing the change in shell weight and wall thickness of G. ruber from an upwelling area
off Somalia [de Moel et al., 2009].

bers during the progression of ontogeny, are smoother than the rest of the
chambers. Bé and Spero [1981] through a mixture of removing chambers
and crushing highlighted that foraminifera can regrow and repair damaged sections, albeit with some physical change in the gross morphology,
likely a result of the nucleus being protected by earlier juvenile chambers.
1.4.2 Planktonic foraminiferal response to Ocean Acidification
Symbiotic foraminifera are 20,000 times more productive then an
equivalent volume of seawater [Spero and Parker, 1985] making them
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Table 1 -1
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δ
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Comments

Reference

Influence of carbonate ion concentration on oxygen and carbon stable isotope values of different planktonic foraminifera
δ13
C/[CO3

Spero et al . (1997)
Spero et al . (1997)
Peeters et al . (2002)
Peeters et al . (2002)
Bijma et al . (1998)
Bijma et al . (1998)
Peeters et al . (2002)
Peeters et al . (2002)

‰ µmol-1 kg-1

Average of experiments
Average of experiments
150-250µm
250-355µm
Average of experiments
Average of experiments
150-250µm
250-355µm

Wilke et al . (2006)

Species
-0.0058
-0.013
-0.012
-0.013
-0.0047
-0.0089
-0.0098
-0.0066

250-355µm

-0.002
-0.0045

Orbulina universa
Globigerina bulloides
Globigerinoides sacculifer
Globigerinoides ruber
-0.013

-0.0014
-0.0022

Globorotalia inflata
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an important component of the surface ocean ecosystem. The response of
planktonic foraminifera to rising CO2 has been documented for both the
anthropogenic rise (e.g. de Moel et al., [2009] and Moy et al., [2009]) and
natural variability within glacial and interglacial cycles (e.g. Barker and
Elderfield [2002] and Barker et al. [2004]). Studies of Antarctic ice cores
[Etheridge et al., 1996; Petit et al., 1999] and δ11B and Ba/Ca within foraminiferal tests [Foster, 2008; Hönisch et al., 2003; 2008; Hönisch and
Hemming, 2004; 2005; Ni et al., 2007; Pagani et al., 2005; Rae et al.,
2011; Sanyal et al., 1995; Yu et al., 2007; YunYan, 2010] have shown that
the atmospheric pCO2 and oceanic carbonate chemistry ([CO32-]) was
considerably different at the last glacial maximum (-80ppm and +100
µmol kg-1 respectively compared to pre-industrial values). Shell weight
records of the surface dweller Globigerina bulloides at sites in the North
Atlantic [Barker and Elderfield, 2002] and the Southern Ocean [Moy et
al., 2009], showing a reduction in weight, are in considerable agreement
with both each other and the atmospheric records archived within ice
cores.
The anthropogenic increase in pCO2 as a result of fossil fuel burning
is currently greater than the magnitude of the natural rise between glacials
and interglacials. Numerous studies have noted that specimens collected
using plankton tows and sediment traps are considerably offset in thickness and weight from those found within the sediments at the same location [Deuser et al., 1986]. Moy et al. [2009] concluded that there has been
a 30% reduction in shell mass for Globigerina bulloides in the Southern
Ocean since the Holocene. Utilising a high sedimentation core (~20 cm/
ka) [de Moel et al., 2009] separated pre- from post-industrial Globigerinoides ruber from within the mixed layer, determined using 210Pb-dating,
observing a reduction of 25% in shell mass of between the glacial and
modern sampled interval, and for the last two centuries (Figure 1.10).
Utilising the nuclear fallout spike from the late 1950’s and early 60’s,
detectable within surface produced carbonate and the δ13C signature of
foraminiferal tests (de Moel et al. [2009] and references therein), to establish a refined chronology. This observed trend is in concert with a 30%
decrease in test thickness, for a more detailed discussion see Chapter
Five. Laboratory experiments have suggested that wall thickness is not
the only tracer of changes in carbonate chemistry. Through changing the
carbonate ion concentration Spero et al. [1997] discovered that the stable
oxygen and carbon isotopic composition becomes more depleted, with
subsequent studies confirming this on other species (Table 1.1).
1.5.0 Stable isotope geochemistry
1.5.1 Oxygen isotopic composition of foraminifera (δ18O)
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Noble prize winner Harold Urey (awarded in 1934 for the discovery
of one of the two stable isotopes of Hydrogen: deuterium or heavy water, 2H or D) first propositioned, following discussion with Paul Niggli
[Emiliani, 1958], that the stable isotopic values of oxygen, in the CO2H2O-CaCO3 system, could be utilised as a temperature proxy for the geological past [Urey, 1947]. Isotopes (Greek for ‘equal places’) are species
of a given element with different atomic masses, due to differences in the
number of neutrons, which give them similar chemical behaviour but different physio-chemical properties. The construction of a mass spectrometer [Nier, 1940; 1947] suitable for precision measurements [McKinney et
al., 1950] allowed Urey’s hypothesis to be confirmed by the experiments
of McCrea [1950] and those of Epstein et al. [1951; 1953] Epstein and
Lowenstam, [1953] and Epstein and Mayeda, [1953]. The later endeavours of Urey’s Italian post-doc Cesare Emiliani [1954; 1955] led to the
creation of the sub-discipline of Palaeoceanography in Earth Sciences
[Emiliani, 1958].
The relative abundance of the three stable isotopes of oxygen, 16O,
17
O and 18O are 99.757%, 0.038% and 0.205% respectively. The isotope
ratio R (mass 46/mass 44) is defined as the abundance of heavy (18O) to
light (16O) isotopic values:
		R = 18O/16O = 0.205/99.757 = 0.002055		

[Eq. 1.5.1]

However, as natural fractionations are small and absolute values difficult to obtain, stable isotopes are by convention reported in the standard
delta notation (δ) of this ratio, R, defined as the deviation between sample
and standard in parts per thousand (per mil, ‰) by Emiliani [1955], Epstein et al. [1951] and McKinney et al. [1950]:
			

δ18O = 1000 ∙ [(Rsample – Rreference)/Rreference]		

[Eq. 1.5.2]

For water the reference is the hypothetical Vienna Standard Mean
Ocean Water (VSMOW) whilst for calcite the reference is Vienna Pee
Dee Belemnite (VPDB), a now non-existent Belemnite guard (Belemnitella americana) from the Cretaceous Pee Dee formation (South Carolina) [Emiliani, 1955]. Given the exhaustion of PDB calibration is now
done to a range of different National Bureau of Standards (NBS) and International Atomic Energy Agency (IAEA) standards with a known offset
from PDB. Conversion between the two scales, VSMOW and VPDB, is
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for the sake of simplicity a subtraction of 0.27 ‰ [Hut, 1987]. Carbonate
samples are digested in phosphoric acid and the resultant masses of CO2:
12 16 16
C O O (mass 44), 13C16O16O (mass 45) and 12C18O16O (mass 46), are
measured using a mass spectrometer. Whilst other heavier masses exist
these are not measured. The contribution of 17O can also affect the isotopic values [Pearson, 2012]. The ratio 18O/16O is assumed to be constant
and from this ratio a 17O correction is applied on mass 45 in order to arrive at a corrected mass 45/44 and thus δ13C. To further complicate matters the method of mass spectrometry must correct for the temperature
dependent isotopic fractionation during the phosphoric acid reaction:
			CaCO3 + H3PO4 ↔ CaHPO4 + CO2 + H2O

[Eq.1.5.3]

As the carbonate oxygen is split between (two-thirds) CO2 and (onethird) H2O fractionation dependent upon the temperature, and independent of the original composition, occurs [van Donk, 1977].
Oxygen isotope analysis can be used as a palaeotemperature thermometer because bonds formed by light isotopes are weaker than those
formed by heavier isotopes, the result in the differences in dissociation energy between them. Fractionation is the partitioning between substances
with different isotopic composition, resulting from (i) isotopic exchange
reactions also known as ‘equilibrium isotope fractionation’ and (ii) kinetic effects. The fraction factor (α) of 18O/16O between CO2 and H2O
has been calculated as 1.045 (at 0°C), so that at the same temperature
(0°C) the ratio of 18O/16O in CO2 is 45 ‰ larger than in H2O. O’Neil et al.
[1969] has calculated the equilibrium fraction factor between calcite and
water (αc-w) for 0 to 500°C, where temperature (T) is in Kelvins:
			

αc-w = exp{(2.78T-2) ∙ 103 – 3.39 ∙ 10-3}		

[Eq.1.5.4]

Therefore, for every 1°C increase results in a depletion 0.2‰ in carbonate δ18O, although the later experiments, of Kim and O’Neil [1997],
that this depletion is more pronounced at lower temperatures (0.25‰ °C1
) than at the higher temperatures (0.2‰ °C-1). Translating this relative
temperature change into absolute temperature requires knowing the isotopic composition of the water (δ18Osw) originally assumed to be constant
[Emiliani, 1958], was found to vary [Epstein and Mayeda, 1953]. Craig
and Gordon [1965] summarised the potential causes for seawater isotopic variations, as: evaporation of equilibrium vapour, precipitation of rain
enriched 18O relative to vapour in warm ocean waters, isotopic fractionation in high latitude precipitation, long term storage and dilution of high
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latitude ocean surface waters through melting of ice. Whilst this value is
unknown for the geological past this has not hampered the development
of palaeotemperature equations, beginning with McCrea [1950], in the
form:
T = a – b ∙ (δ18Ocalcite – δ18Osw) + c ∙ (δ18Ocalcite – δ18Osw)2

[Eq. 1.5.5]

Subsequent palaeotemperatures equations have been derived from
inorganic calcite, culture studies and in situ collections (Table 1.2). Chapter Six goes into further details.
1.5.2 Carbon isotopic composition of foraminifera (δ13C)
The liberation of carbon dioxide from calcite using mass spectrometry produces values for both oxygen and carbon stable isotopes. As for
oxygen, carbon is reported in the standard δ notation:
			

δ13C = 1000 ∙ [(Rsample – Rreference)/Rreference]

[Eq. 1.5.6]

With R being the ratio of the heavy (13C) to light (12C), mass 45 to
mass 44. The relative abundance of the two stable isotopes of oxygen,
12
C and 13C are 98.89% and 1.11% respectively, Carbon has an additional radioactive isotope 14C. The carbon isotopic composition of biogenic
calcite produced by planktonic organisms enables an estimate of upper
water column dynamics and for benthic foraminifera the rate of ocean
ventilation and deep-water production [Oppo et al., 2003]. Emrich et al.
[1970] first suggested that the fractionation factor between calcite and
bicarbonate [HCO3-] increases by 0.035‰ per degree (°C), however this
temperature dependence has been suggested to be an increase in the contribution of aragonite in the sample [Mulitza et al., 1999]. Equilibrium
calcite, between 10°C and 40°C, has been estimated as:
			

δ13Cequilibrium = δ13CDIC + 1‰ (± 0.2‰)		

[Eq. 1.5.7]

Where, δ13CDIC (≡ δ13CΣCO2) represents the carbon isotopic composi53
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tion of dissolved inorganic carbon (DIC). Attempts to tune ambient environmental parameters (i.e. temperature, nutrients, etc.) with measurements of δ13C have been unsuccessful [Katz et al., 2010]. Whilst mass
spectrometers give both a carbon and oxygen signal, few authors attempt
to interpret the results due to the complexity inherent with carbon in
comparison to oxygen. The mechanisms determining the carbon isotopic value in foraminifera have been described as a black box [Spero et
al., 1991; Spero and Williams, 1989] the signal being complicated by (i)
competing hydrological processes (ii) the precipitate of calcite in/out of
equilibrium [Erez, 1978] and (iii) potentially reflecting the depletion of
atmospheric carbon through the emissions of Anthropogenically depleted
Carbon dioxide into both the marine and atmospheric reservoirs [Al-Rousan et al., 2004; Beveridge and Shackleton, 1994; Curry and Mauritzen,
2005; Fischer et al., 1997; 1998; Olsen and Ninnemann, 2010; Oppo and
Curry, 2012). However, assessments of the composition of ΣCO2 aimed
at inferring both productivity and palaeo-CO2 have been superseded by
studies aiming to test the affect of an increased anthropogenic consumption of isotopically depleted fossil fuels upon the oceans [Al-Rousan et
al., 2004; Beveridge and Shackleton, 1994; Black et al., 2011]. Fossil
fuels, the decayed biomass of plants and animals, are isotopically depleted with respect to 13C (~ -25%), burning and combustion lowers the
atmospheric composition of δ13C defined as the Suess effect. This anthropogenically depleted CO2 invades the surface ocean lowering the δ13CDIC
within the calcifying environment of the foraminifera [Al-Rousan et al.,
2004; Bauch et al., 2000; Beveridge and Shackleton, 1994; Fischer et
al., 2003], thus permitting its use as a relative dating tool [de Moel et al.,
2009]. The δ13C archive could potentially be utilised as estimator of the
13
C/12C ratio of seawater ∑CO2. Due to the complexities inherent within
carbon isotopes many authors have focused upon the increasing use of
trace metal geochemistry, with respect to both concentration (B/Ca) and
speciation (δ11B), utilised to quantify palaeo-pH.
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